Abstract. The actual impact on vertical transport of smallscale turbulence in the free atmosphere is still a debated issue. Numerous estimates of an eddy diffusivity exist, clearly showing a lack of consensus. MST radars were, and continue to be, very useful for studying atmospheric turbulence, as radar measurements allow one to estimate the dissipation rates of energy (kinetic and potential) associated with turbulent events. The two commonly used methods for estimating the dissipation rates, from the backscattered power and from the Doppler width, are discussed. The inference methods of a local diffusivity (local meaning here "within" the turbulent patch) by using the dissipation rates are reviewed, with some of the uncertainty causes being stressed. Climatological results of turbulence diffusivity inferred from radar measurements are reviewed and compared.
Introduction
Small-scale turbulence is a very essential process of atmospheric and oceanic dynamic since (i) it is the sink for mechanical energy through dissipative processes, (ii) it induces
Correspondence to: R. Wilson (richard.wilson@aero.jussieu.fr) drag on the large-scale flow through Reynolds stress, (iii) it induces irreversible transport of heat, mass and minor constituents. However, the actual impact of small-scale turbulence on the atmospheric dynamic -energy budget and vertical transport -is still an open issue. For instance, the question as to whether the small-scale turbulence has any significant impact on vertical transport in the upper-troposphere lower-stratosphere (UTLS), and in the mesosphere as well, is still debated.
Various evaluations of the turbulent diffusivity K θ (m 2 /s) for the UTLS and for the mesosphere are shown in Table 1 . In this table are reported estimations of the diffusivity inferred either from indirect methods -by combining the observations of tracer profiles and a mathematical model for transport, production and losses -or from direct measurements of energetics parameters of turbulence, are reported. These estimations can hardly be directly compared however, as they have sometimes very different meanings.
Some of these evaluations are bulk transport coefficients, i.e. on a planetary scale. The vertical transport terms are evaluated by taking into account the production and loss processes on large space and time scales (several weeks) (Massie and Hunten, 1981; Ogawa and Shimazaki, 1975) . However, the actual impact of small-scale turbulence cannot be directly retrieved from these values, as other non-turbulent processes might contribute to vertical transport as the (diabatic) Brewer-Dobson circulation.
A small impact on vertical transport in the lower stratosphere (K θ ∼0.01−0.02 m 2 /s or less) was inferred from the in-situ observations of filamentary structures of tracers and by using a numerical model representing the stretching and mixing processes (Waugh, 1997; Balluch and Haynes, 1997) . On the other hand, Legras et al. (2003) , by combining observed ozone profiles and a stochastic-dynamical model for reconstructing the profiles, found a much more significant impact (K θ ≈0.1 m 2 /s or larger).
Further difficulties arise when comparing the diffusivity estimates inferred from measurements. Some evaluations are local ones (i.e. within the turbulent patches), either (Massie and Hunten, 1981) 0.02−0.8 0.3−3 (Alisse and Sidi, 2000a ) (Nastrom and Eaton, 1997) 2-111 [mean 42] 0.3−3 ) (Kennedy and Shapiro, 1980) 0.2−2 (Kurosaki et al., 1996) Lower Stratosphere 0.2−0.6 0.46−1.2 [eff. 0.01−0.06] 0.1−0.5 (Fukao et al., 1994 ) (Massie and Hunten, 1981 ) (Lilly et al., 1974) ∼ 0.01−0.02 (Waugh, 1997) 0.1−0.35 0.5−1 (Balluch and Haynes, 1997 ) (Alisse and Sidi, 2000a ) (Nastrom and Eaton, 1997) ∼0.1 (Legras et al., 2003) 0.01−0.1 (Bertin et al., 1997) 0.05−0.3 0.2−0.3 (Woodman and Rastogi, 1984) Mesosphere 20−200 3.5−70 (Lubken, 1992) 1−30 (Fukao et al., 1994 ) (Ogawa and Shimazaki, 1975 ) (Lubken et al., 1993 ) (Kurosaki et al., 1996) 3−10 100−200 (Hocking, 1988) 20−150 (Roper, 2000) from in-situ measurements (e.g. Lilly et al., 1974; Barat and Bertin, 1984; Lubken, 1992; Alisse and Sidi, 2000a) , or from radar measurements (e.g. Hocking, 1988; Fukao et al., 1994; Roper, 2000; Rao et al., 2001) . Other estimates are inferred from an evaluation of the heat (or tracer) flux across a given height level, by using both local evaluations of turbulence strength and fractional time of turbulent events. These evaluations thus take into account, in some aspects, the space-time intermittency of turbulence (e.g. Lilly et al., 1974; Woodman and Rastogi, 1984) (the values between brackets are from Lilly et al. (1974) in the table). Furthermore, some estimates are Eulerian, as radar measurements (a fixed volume being sampled), others being performed quasi-instantaneously, either at a quasi-constant height level (instrumented aircrafts) or along a quasi-vertical profile (balloons or rockets borne instruments).
In fact, there exists a certain confusion in the literature when comparing these "turbulent diffusivities". One can, however, observe at this stage that, beyond the natural variability of turbulence strength, the dispersion of these "effective" diffusivity estimates (two to three orders of magnitude) reveals a lack of consensus about the actual impact of smallscale turbulence on transport processes (Table 1) .
MST radars have the unique ability to allow for measurements related to the energetics of small-scale turbulence with a high space-time resolution, in the UTLS and in the mesosphere. The aim of this paper is to review and discuss the methods used in evaluating the turbulence diffusivity from MST radar measurements. In Sect. 2, the main characteristics of turbulence in the free atmosphere are described: length scales, energetics and related diffusivity. The inference of turbulent diffusivity from radar measurements is a two-step process. First, the turbulence strength is characterized, usually from the KE dissipation rate, k . Second, the turbulent diffusivity is evaluated by assuming a relationship between the dissipation rate k and the heat flux (or buoyancy flux). The two commonly used methods for estimating k , from the structure constant C 2 n or from the turbulent velocity variance u 2 , are described in Sect. 3. We also introduce the equations describing the (unfamiliar) turbulent potential energy (balance equation, dissipation rate) and its relation to mixing. Indeed, as noticed by Hocking and Mu (1997); Hocking (1999) , the structure constant C 2 n is a quantity related to the potential energy of the turbulent flow. On the other hand, numerous authors showed that mixing events in a stratified flow lead to a change in the background potential energy through the dissipation of available potential energy (Dillon and Park, 1987; McIntyre, 1989; Winters et al., 1995) . The estimation of a turbulent diffusivity from radar measurements relies on measured quantities ( k or C 2 n ) but also on non-measured parameters (i.e. local stratification, mixing efficiency, filling factor). that have to be evaluated independently. This point will be discussed in some detail in Sect. 4. Quantitative results are described in the following section. Climatological studies of turbulence diffusivity inferred from radar measurements are reviewed and discussed. Comparative studies of radar methods are also reviewed.
A key issue in evaluating the actual diffusive properties of small-scale turbulence in the atmosphere (and ocean as well) is the intermittency. In the last part of the paper, theoretical and semi-empirical works on the diffusive properties of a patchy turbulence are presented. A few suggestions for future radar studies will also be advanced.
Inertial turbulence in a stratified atmosphere
Turbulent motions in a stratified medium induce fluctuations of velocity but also of tracers, such as temperature, humidity, or refractive index. Numerous evidences of an inertial subrange "à la Kolmogorov" were observed "in-situ" in the free atmosphere from micro-structures measurements (e.g. Barat, 1984; Barat and Bertin, 1984; Sidi and Dalaudier, 1990; Lubken, 1992) . The inertial turbulent subrange is characterized by a −5/3 spectral index for 1-D (observable) spectra of the velocity or tracers' fluctuations ( Fig. 1, from Lubken, 1992) .
It is important to note that the energy spectrum of air motions is also characterized by a k −5/3 -range (k being the horizontal wave number) in the mesoscale region, i.e. from wavelengths of some few km to wavelengths of about 500 km (Gage, 1979; Nastrom and Gage, 1985) . There is still a debate about the interpretation of such a spectrum. Dewan (1979) and VanZandt (1982) explained the k −5/3 -range by a direct energy cascade of gravity waves (from large to small scales). On the other hand, Gage (1979) interpreted the k −5/3 -spectrum as the spectrum of 2-D turbulence with a negative energy flux (from small to large scales). In a recent paper, by considering the second and third order structure functions, Lindborg (1999) brought support to the first hypothesis (i.e. the wave hypothesis), at least for the k 5/3 range. In any event, such a k −5/3 -spectrum must not be interpreted as the spectrum of inertial turbulence, and cannot be used in order to infer small-scale turbulence parameters (TKE or dissipation rates).
Turbulent scales
A variety of turbulence scales were defined. Two important length scales are the outer scale L m , characterizing the size of the largest turbulent eddies of the inertial range, and the inner scale l o , a transition scale between the inertial and the viscous ranges. The outer scale (sometimes labelled the integral scale) is related to the rms wind velocity u and TKE dissipation rate k in the inertial range through (e.g. Tennekes and Lumley, 1972, p 20) :
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where w is the rms vertical velocity and N the buoyancy (or Brunt-Väisälä ) angular frequency (s −1 ). The vertical scale L B is frequently expressed in a different form. By assuming L m ∼L B , and combining Eq. (2) and Eq. (1), the buoyancy scale reads (e.g. Fernando, 2002) :
with L O being labelled the Ozmidov scale. Alternatively to the buoyancy scale Eq. (2), a shear scale is sometimes used as an outer scale (e.g. Tennekes and Lumley, 1972, pp. 48 and 62) :
where S is the vertical shear of the horizontal mean velocity. A commonly used expression for the outer scale was proposed by Weinstock (1978) :
where C is a dimensionless "constant". Weinstock (1978) first proposed C=0.62, and latter suggested that C should not be treated as a constant (Weinstock, 1992) . Others used turbulent length scales used are the Ellison scale L E , and the Thorpe scales L T -scales related to the rms vertical displacement (e.g. Smyth and Moum, 2000) .
Concerning the inner scale (of temperature fluctuations), a widely accepted definition was proposed by Hill (1978) :
where ν is the kinematic viscosity (m 2 /s), l k being the Kolmogorov microscale. Due to the fact that the Prandtl number is not unity, the inner scale for velocity fluctuations is slightly different, i.e. l o ≈12.8 l k . For the atmosphere (Fig. 2 , from Hocking 1985) :
-the inner scale of the inertial subrange increases from ∼10 −2 m in the free troposphere to ∼10 m in the upper mesosphere.
-the outer scale ranges from 10 m to about 1000 m, with the smaller values being observed in the stable lower stratosphere, the larger ones in the troposphere and mesosphere.
Evaluations of inner and outer scales in the UTLS (5-20 km) are reported in Eaton and Nastrom (1998) . These scales are inferred from radar estimates of the TKE and related dissipation rate. Inner scale values were observed to increase from 1 cm at 5 km to about 8 cm at 20 km altitude. The outer scale (shear scale) is found to range from ∼10 m (lower stratosphere) to ∼65 m (free troposphere). By combining rocket and radar data, Watkins et al. (1988) observed an inner scale ranging from 2 to 6 m in the upper mesosphere (80 to 90 km height domain).
Energetics
Typically, energy (kinetic or potential) of turbulent motions ranges from ∼10 −2 J/kg in the lower stratosphere to about 1-10 J/kg or so in the free troposphere and mesosphere (Fukao et al., 1994; Nastrom and Eaton, 1997; Alisse and Sidi, 2000a; Lubken, 1992; Hall et al., 1999) . By noting that k ∼u 3 /L m (Eq. 1) and assuming L m ∼L B leads to:
The dissipation rate is thus ∼10 −2 ×TKE, typically. The turbulence intensity is usually characterized from the TKE per unit mass (J/Kg)
where u, v, w are the rms turbulent velocities. One important characteristic of stratified turbulence is that a fraction of TKE is converted into available turbulent potential energy (TPE)
where θ is the generalized potential temperature (Ottersten, 1969b) , θ being a reference state, ζ is the rms vertical displacement inferred from the potential temperature variance (i.e. the Ellison scale). It is precisely that fraction of energy which is related to the heat (and mass) transport. Indeed, Eq. (8) shows that the dissipation of temperature variance induces a dissipation of TPE (later discussed). In a stratified medium (dθ/dz>0), the dissipation of (potential) temperature variance, in reducing the stratification, induces a downward heat flux. The equation describing the time evolution of TKE in a stratified medium reads (Tennekes and Lumley, 1992, p. 63; Gill, 1982, pp. 76-78) 
where ∇·F K is a transport term through surface fluxes, P is the production term through Reynolds stress acting in a shear, and B is the buoyancy flux, expressing a reversible conversion of TKE into TPE,
The time evolution of temperature variance reads, (Tennekes and Lumley, 1972, p. 95) 1 2
where θ is the dissipation rate of half temperature variance,with ∇·F θ being a transport term. By noting that the temperature variance is related to the TPE (Eq. 8), one obtains an equation for the time evolution of TPE by multiplying Eq. (11) by (g/N θ) 2 :
The buoyancy flux is here a source term for TPE, dissipated through thermal diffusivity ( p ∝ θ ). Therefore, the dissipation rate of temperature variance, θ , can be interpreted as a dissipation rate of available potential energy. Two simplifying assumptions are typically made (likely due to the lack of alternative possibilities). By assuming spatial homogeneity, the divergence terms vanishes. By further assuming stationarity, the balance equations for TKE and TPE reduce to
The production P of TKE is balanced by the buoyancy flux B (reversible conversion into TPE) and the dissipation k (irreversible). The production term of TPE B is simply balanced by the dissipation rate p .
Turbulent diffusivity
The diffusive properties of turbulence are commonly expressed from the heat flux θ =ρC p w θ (ρ is atmospheric density, C p the specific heat at constant pressure). The eddy diffusion coefficient for heat is defined as
From Eq. (14) an indirect evaluation of the diffusivity can be estimated from the dissipation rate of temperature variance (Osborn and Cox, 1972 )
Equivalently, with the above notations, (multiplying the numerator and denominator of Eq. (15) by (g/N θ) 2 ) one obtains:
Another indirect evaluation, from the TKE dissipation rate, is inferred from Eq. (13) (Lilly et al., 1974; Osborn, 1980) :
where γ is sometimes referred to as the mixing efficiency. Under the above hypotheses of homogeneity and stationarity, γ reads
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Radar measurements of the turbulence energetics
Radar measurements related to small-scale turbulence are usually the reflectivity and the wind velocity variance. Under the hypothesis that the inhomogeneities of refractive index are due to homogeneous and stationary inertial turbulence, the reflectivity is a simple function of the structure constant C 2 n Tatarskii (1961); Ottersten (1969a) . C 2 n can be interpreted as the mean squared-difference of refractive index for unity distance (i.e. the value of the structure function for one meter separation). The wind velocity variance relates to the TKE, provided that the non-turbulent contributions to that variance can be removed. A variety of radar techniques exist for estimating the wind velocity: from the line-of-sight velocity differences from meteors (Roper, 1966) ; from the imaging Doppler interferometry scattering positions (Roper and Brosnahan, 1997) , from spaced antenna full correlation analysis (Briggs, 1980; Manson et al., 1981) , and from the spectral broadening observed by MST Doppler radars. (Hocking, 1983) . This last technique, applicable for narrow beams VHF and UHF radars, was widely used from the troposphere to the mesosphere. The other techniques, mostly based on MF radars measurements, were rather used in studying the mesospheric dynamics. A comparative discussion about these techniques is beyond the scope of this paper. However, some of the approximations and assumptions of the inference methods of turbulence parameters are independent of the measurement techniques.
In the following of this section, we shall mostly discuss the two commonly used measurement methods for turbulence studies from MST radars. Following the terminology of Cohn (1995) , the method relying on the reflectivity η, or related C 2 n , to the dissipation rate k , will be labelled the "power method". The method relying on the Doppler width to k , will be also labelled the "spectral width method". New radar methods for estimating the dissipation rate k will also be briefly mentioned. Again, the subject of this paper is not to review radar techniques used for turbulence measurements (some good articles exist, e.g. Hocking, 1985 Hocking, , 1997 Cohn, 1995; Hocking and Mu, 1997) but rather to discuss the methods used to infer the turbulent diffusivity from radar measurements of reflectivity and wind velocity variance.
The power method
The power method relates the radar reflectivity to the structure constant of refractive index C 2 n (VanZandt et al., 1978; Gage et al., 1980) , by assuming that the reflecting layers are due to inertial and (locally) homogeneous turbulence.
In other words, the basic assumption of this method is that the scattering process is Bragg scattering due to isotropic refractive index inhomogeneities (Tatarskii, 1961) . Supporting this hypothesis, a direct comparison between high resolution in-situ measurements of refractive index fluctuations and oblique radar backscattered power was successfully conducted by Luce et al. (1996) . Of course, the power method requires a radar calibration. The power method can only be applied if other sources of (back)scattering can be neglected. Non-turbulent causes of radio waves scattering include Rayleigh scattering (from hydro-meteors or insects, involving UHF radars) and Fresnel scattering (partial reflection, involving VHF radars). By comparing high-resolution in-situ measurements and vertical power of a VHF radar, Luce et al. (1995) showed that partial reflection from temperature sheets, described by Dalaudier et al. (1994) , is likely to be the main mechanism contributing to vertical echo enhancements.
The isotropic scatterers (i.e. isotropic refractive index inhomogeneities) are thought to be the dominant scattering process for zenith angles larger than ∼10-15 • (e.g. Tsuda et al., 1986; Hocking et al., 1990) , although aspect sensitivity was observed in some cases for zenithal angles as large as 20 • (Tsuda et al., 1997a) , and even 30 • (Worthington et al., 1999a,b) . Aspect sensitivity has not been observed for UHF radars. Several authors also reported radar observations of an azimuthal anisotropy of the backscattered power of oblique beams (e.g. Tsuda et al., 1986; Hocking et al., 1990; Hooper and Thomas, 1995; Worthington and Thomas, 1997; Worthington et al., 1999b) . Such an anisotropy of backscattered power is believed to be due to the tilting of aspect sensitive surfaces by gravity waves and vertical wind shears (Worthington and Thomas, 1997) , i.e. it is not a turbulence induced effect. However, another hypothesis for the VHF zenithal aspect sensitivity relies on the turbulence anisotropy (e.g. Tsuda et al., 1997a) . For a review on the aspect sensitivity of VHF radar echoes, see Luce et al. (2002b) . In any event, such aspect sensitive scatterers may induce error (over-estimation) in evaluating the isotropic-turbulence intensity.
Within a stratified medium, the refractive index fluctuations δn are induced by vertical displacement δz (Tatarskii, 1961) 
where M is the gradient of generalized potential index for unionized atmosphere (Tatarskii, 1961; Ottersten, 1969b) :
where P is the pressure (Pa), T the temperature (K), q the specific humidity (g/g). If humidity can be neglected, as it is the case in the stratosphere, M depends on the static stability only:
Note that, in the mesosphere, M also depends on the electron density. Vertical displacements inducing a conversion into (available) TPE (Eq. 8), and noting that δz 2 1/2 ≈ζ , one can express E P as a function of the variance of refractive index fluctuations δn 2 :
The dissipation of refractive index variance ( n ) can thus be expressed as a function of the dissipation rate of TPE ( p ). From Eq. (22):
Under the assumption of isotropic inertial turbulence, the 3D spectrum of refractive index fluctuations is proportional to the structure constant C 2 n (Tatarskii, 1961, pp. 46-58) , that is:
As a function of the TPE dissipation rate Eq. (23), the structure function reads:
Hence, the structure constant C 2 n is related to both the dissipation rates of TPE and TKE. One can therefore express C 2 n either as a function of k (e.g. VanZandt et al., 1978; Hocking, 1999) :
or as a function of p (Dole et al., 2001 )
As noticed by numerous authors (e.g. VanZandt et al., 1978; Gage et al., 1980) , a further complication comes from the fact that the radar reflectivity η, and thus the inferred C 2 n , are weighted volume averages (<η> vol and <C 2 n > vol ) (a uniform reflectivity within the sampling radar volume is assumed):
where F T is the turbulent fraction of the sampled volume. Therefore, the local dissipation rates (within the turbulent layer) must be expressed as a function of the volume averaged <C 2 n > vol ;
(29)
The inferred dissipation rates only differ by the power of the γ term. The p estimate is rather more robust, showing a weaker dependency on the unknown γ term, than the k estimate (Dole and Wilson, 2000) . Indeed, the refractive index fluctuations are rather related to potential energy (depending on vertical motions and stratification) than to kinetic energy. Notice, however that these two expressions for the dissipation rates (Eqs. 29 and 30) lead to an equivalent turbulent diffusivity K θ (Eqs. 16 and 17).
The spectral width method
Turbulent motions induce a widening of the velocity distribution and thus a spectral broadening of the backscattered echo. But other non-turbulent processes also contribute to the spectral broadening (e.g. Hocking, 1985; Gossard and Strauch, 1983; Nastrom and Eaton, 1997) :
-beam and shear broadening, related to the beam geometry;
-wave or 2-D turbulence contamination.
The non-turbulent effects must be removed. With the various causes of broadening being independent of each other, the induced variances simply add, i.e.:
where σ obs is the observed spectral width (half power-half width in Hz), σ T being the turbulent contribution to that broadening. Beam and shear broadening σ B+S have to be evaluated from the known wind velocity profile, taking into account the beam geometry. Nastrom and Eaton (1997 ), Chu (2002 ), and VanZandt et al. (2002 presented formulae that accounts for the background wind speed across a radar beam. The wave (or 2-D turbulence) σ W can be reduced a by short integration time (e.g. Cohn, 1995) , or by using a wave model (Hocking, 1988; Nastrom and Eaton, 1997) . The rms turbulent velocity relates to σ T as u=(λ r /2)σ T / √ (2 ln 2). Nastrom and Eaton (1997) observed that, for the narrow beam WSMR radar (2.9 • one way 3 dB beamwidth), the beam broadening is generally the largest correction term by far (WSMR stands for White Sand Missile Range). Figure 3 , from Nastrom and Eaton (1997) , shows mean profiles of the observed spectral width, compared to the applied corrections (total correction and the different terms).
A new radar technique for removing these non-turbulent (deterministic) effects has been recently proposed by VanZandt et al. (2002) . The basic idea is to evaluate the broadening with two different beamwidths, the correction terms being approximately proportional to the beamwidth squared. The two beamwidth method has the advantage of being less sensitive than the standard single-beamwidth Fig. 3 . Mean vertical profiles of the observed width with the corrections due to beam broadening, shear broadening and gravity-wave effects from Nastrom and Eaton (1997). method to the necessary instrumental corrections of the observed spectral width σ obs .
Nastrom and Tsuda (2001) observed significant differences between the spectral widths from beams in two orthogonal planes -zonal and meridional -at both the MU (Middle and Upper atmosphere) radar and the WSMR radar. Such an anisotropy may be an effect due to the horizontal wind direction relative to the antenna beams (Chu, 2002) .
The spectral width method has several advantages over the power method. First, there is no need for an absolute calibration of the radar. Second, the radar estimate of the velocity variance is a reflectivity and range weighted average (Doviak and Zrnić, 1993, pp. 109-110) , i.e. the non-turbulent (nonreflecting) regions of the sampled volume do not contribute. The variance estimate is thus a weighted average on turbulent patches only. On the other hand, the turbulent velocity variance is related to the TKE dissipation rate. Consequently, there is no need for further information about the turbulent fraction or the dissipation ratio γ , in order to retrieve k . If concerned with mixing, however, (i.e. vertical transport of heat or mass) the turbulent diffusivity is only indirectly related to the TKE dissipation rate (through the energy conversion rate B or the dissipation rates ratio γ ).
Two methods were proposed (discussed by Hocking, 1999) in order to relate the measured u 2 to k .
-If the radar volume is filled with homogeneous turbulence, the observed variance results from the convolution of the velocity fluctuation field with the weighted sampling volume. By assuming a Kolmogorov spectrum, as well as a Gaussian shaped sampling volume, the dissipation rate reads (Frisch and Clifford, 1974; Gossard and Strauch, 1983) :
-If the outer scale of turbulence is smaller than any scale of the sampled volume, the relationship between the variance (i.e. TKE) and the dissipation rate is rather dependent on the outer scale L m (Sato and Woodman, 1982; Hocking, 1983) . Weinstock (1978) suggested that this outer scale is likely proportional to the Ozmidov
Therefore
This last relationship is widely used in most MST radars studies of atmospheric turbulence. Notice, however, that the relation between L m and L O (Eq. 33) has been questioned by Weinstock (1992) , as it seems to lead to too high a value for the dissipation rates ratio. A variant of the spectral width method, sometimes labelled as the "variance method", is based on the direct estimation of the wind velocity variance from the velocity spectrum (e.g. Hall et al., 2000; Satheesan and Murthy, 2002) . These authors assumed that motions are turbulent for short time fluctuations, in order to estimate k from Eq. (34). However, some caution must be taken in this case as a −5/3 spectral index is not undoubtedly the signature of inertial turbulence. Satheesan and Murthy (2002) presented a comparative study of methods for retrieving the dissipation rate k (to be discussed later).
Direct estimation of k : the two-wavelengths method
A new radar technique was recently proposed by VanZandt et al. (2000) , allowing for a direct estimations of the TKE dissipation rate. These authors used the ratio of simultaneous observations of radar reflectivity for two wavelengths close to the viscous scale, together with Hill's model of refractivity fluctuations due to turbulence (Hill, 1978; Frehlich, 1992) . When neglecting scattering from particulates, the radar reflectivity η(λ) (m 2 /m 2 ) reads
where the H (λ, k ) term takes into account the departure from the standard Kolmogorov model for the temperature fluctuations for scales close to the dissipation scale. With this dual-wavelengths technique most non-turbulent echoes are identified and filtered out.
Stratification and unknown parameters
Detailed knowledge of the local atmospheric conditions is needed for the correct interpretation of radar observations (Eqs. 29 or 34 for instance). Furthermore, the relationships between diffusion and energy dissipation rates rely on stratification (Eqs. 16 and 17). Depending on the method used, several additional parameters have to be evaluated: buoyancy frequency N and gradient of generalized refractive index M, turbulent fraction F T , as well as the dissipation rates ratio γ . Various methods or strategies have been proposed.
Local atmospheric conditions
The local stratification (within the radar sample volume) is described by N and M. Both parameters are needed for relating C 2 n to the dissipation rates (power method, Eqs. 29 and 30). The buoyancy frequency is also used in relating the TKE to k (spectral width method, Eq. 34). Furthermore, the turbulent diffusivity K θ is related to the dissipation rates through N 2 (Eqs. 16 and 17).
In the upper troposphere and lower stratosphere the specific humidity is negligible; M depends mainly on the buoyancy frequency N . In most cases, the local N is evaluated from additional in-situ measurements -usually from standard meteorological soundings. However, as observed by Dalaudier et al. (2001) , the use of in-situ soundings does not allow for valuable estimations of the local stratification (within the radar volume) -at least for vertical resolutions of ∼150 m -likely because of the large variability of N on relatively small time-and-space scales. The most probable explanation for such a rapid time and space evolution of the stability profile is the propagation of gravity waves. A good estimator -in the sense of the mathematical expectation of a random variable -remains likely the bulk buoyancy frequency, obtained either from a model (climatological or numerical), or from standard meteorological soundings with a low vertical resolution.
In the troposphere M depends on both the Brunt-Väisälä frequency and humidity gradient dq/dz (Eq. 20). In this case, the humidity gradient must necessarily be estimated from additional measurements. New data processing methods for retrieving the humidity profile by combining the radar reflectivity with additional measurements were recently proposed: with RASS (Radio Acoustic Sounding System) , GPS (Global Positioning System) (Gossard et al., 1998), or balloon-borne instruments (Mohan et al., 2001; Wilson and Dalaudier, 2003) . Clearly, such combinations of instruments are very promising for future turbulence studies.
The turbulent fraction
The turbulent fraction, F T , must be evaluated in order to retrieve the local C 2 n from the volume-averaged <C 2 n > vol . On the other hand, as will be further discussed in Sect. 6, a statistical description of turbulent events (layers depths, lifetime, filling factor, intensity) is required for estimating the effective diffusivity of a patchy turbulence (Hocking and Röttger, 2001 ).
In-situ measurements -from instrumented aircrafts -in the lower stratosphere suggest 0.02<F T <0.05 (Lilly et al., 1974) . From six balloon soundings of temperature and wind microstructures, Alisse and Sidi (2000a) observed F T ≈0.18 in the UTLS. High resolution radar measurements in the lower stratosphere indicate 0.1<F T <0.2 ( (Dole et al., 2001) . One difficulty in comparing these values comes from the fact that these instruments have different detection thresholds, implying different biases in the F T estimations (they are lower bounds) (see, for instance, Wilson and Dalaudier, 2003) .
A turbulent fraction parameterization based on a simple statistical model for wind shears (i.e. a Gaussian distribution whose parameters are based on observed quantities) and by using an instability Ri criterion (Ri=N 2 /S 2 is the gradient Richardson number) gives typically 0.015<F T <0.5 in the free troposphere, and F T ∼0.03 in the lower stratosphere (VanZandt et al., 1978) . A simplified and somewhat ad hoc model was suggested by Gage et al. (1980) :
=const. On the other hand, Weinstock (1981) made the assumption that the depth of a turbulent layer L l for developed turbulence is approximately equal to the outer scale L m (defining L m =3π L O ). By further assuming that there is only one turbulent layer within the sampled volume, that is F t ∼L l / r, the local k reads:
Although interesting, the hypothesis of a close relation between L l and L O has not been confirmed by high-resolution in-situ observations (Barat and Bertin, 1984; Alisse et al., 2000b) , no clear relation being observed between the layer depth L l and the Ozmidov scale L O .
The dissipation rates ratio
The γ term appears -more or less explicitly -when relating the TKE dissipation rate k (usually estimated) to the temperature variance (or TPE) dissipation rate. Hence, the expressions relating C 2 n to the dissipation rates rates depends on γ (Eqs. 26-27), as well as the relation between the heat flux and the TKE dissipation rates k (Eq. 17). Indeed, γ appears when expressing a conversion of TKE into TPE. Such a conversion rate is quantified by the flux Richardson number R f . If homogeneity and stationarity are assumed, R f and γ are very closely related since R f =γ /(1+γ ) (Eq. 18).
A variety of expressions for γ can be found in the literature (see Hocking, 1999 , for a detailed review). For instance by writing R f =Ri/P T r (where Ri is the gradient Richardson number, P T r the turbulent Prandtl number), γ reads:
A "canonical" R f =0.25 gives γ =1/3 (Lilly et al., 1974 , based on Thorpe (1973) Rohr et al. (1984) and Weinstock (1992) . (1978) suggests γ ≈0.8. However, an accumulation of observational evidences suggest that γ is likely to be smaller than 0.8 on the average (e.g. Weinstock, 1992) . In fact, γ is observed to be significantly variable. Several estimations in the oceanic thermocline, lakes, or laboratory experiments (water tank) indicate 0.1<γ <0.4 (e.g. McEwan, 1983; Rohr et al., 1984; Gargett and Moum, 1995; Moum, 1996) . In-situ and radar estimations in the UTLS indicate 0.06<γ <0.3 (Alisse and Sidi, 2000a; Dole et al., 2001) .
Laboratory experiments (e.g. Rohr and Van Atta, 1987; Ivey and Imberger, 1991) , direct numerical simulations (e.g. Smyth et al., 2001) or theoretical considerations (Weinstock, 1992) , suggest that R f (and thus γ ) evolves during the life cycle of the turbulence event. It is usually observed that R f is decreasing with decreasing Ri 0 , the turbulent Richardson number (Ri 0 =N 2 L 2 m /q 2 expresses the ratio of TPE to TKE). Weinstock (1992) , giving up the hypothesis of a constant ratio of scales (L m /L O ), suggests that γ is a simple function of Ri 0 (Fig. 4) :
Furthermore, experimental evidences (Fig. 5) suggest that the probability density function (PDF) of the dissipation rates ratio γ , inferred from the observed frequency of occurrence, is approximately log-normal (Dole et al., 2001) . The likely value observed by these authors is about 0.1, substantially smaller than 1/3, as usually assumed. 
Turbulent diffusivity inferred from MST radar measurements

Climatological results
Several climatologies of turbulent diffusivity inferred from MST radar measurements were published, all of these based on the spectral width method (Hocking, 1988; Fukao et al., 1994; Kurosaki et al., 1996; Nastrom and Eaton, 1997; Rao et al., 2001) . Vertical profiles of seasonal medians of K θ for the troposphere and lower stratosphere are shown in Figs. 6 and 7. By comparing these profiles, the striking feature is the close agreement in the lower stratosphere, as well as the clear difference in the troposphere: either increasing with altitude over Shigaraki (Fukao et al., 1994; Kurosaki et al., 1996) of decreasing with altitude over WSMR (Nastrom and Eaton, 1997) and Gadanki ). Such a difference has yet to be explained. The median values of the turbulent diffusivity in the UTLS is observed to range from 10 −1 to 1 m 2 /s, typically. An annual cycle for K θ is observed in the UTLS, with the annual maxima being found to occur during winter (Kurosaki et al., 1996) . The dotted curve shows the diffusivity profile from Massie and Hunten (1981) . (b): Seasonal medians of log K θ from the WSMR radar observations (Nastrom and Eaton, 1997) .
over Shigaraki , during summer at WSMR, and during the monsoon and post-monsoon months at Gadanki. K θ is found to be generally larger in the mesosphere, ranging from ∼1 to some 10 2 m 2 /s, typically. In the upper mesosphere -for altitudes ranging from 84 to 92 km -Hocking (1988) does not observe any clear annual cycle (from MF radar measurements). Fukao et al. (1994) and Kurosaki et al. (1996) observed a semiannual variation reaching one order of magnitude with solstice maxima in the middle mesosphere (around ∼75 km). Rao et al. (2001) found a maximum of diffusivity around about 75 km, with the annual maximum being observed during summer. These authors noticed that the observed variabilities of K θ in the UTLS and in the mesosphere as well, are coincident with those of the gravity wave activity in the considered height range (e.g. Tsuda et al., 1990) .
Also interesting is the observation that the PDF of local TKE dissipation rates in the upper stratosphere and lower stratosphere is approximately log-normal (Nastrom and Eaton, 1997; Dole et al., 2001) . It seems reasonable to assume that the distribution of the related local diffusivities is also approximately log-normal.
Several authors have reported the existence of persistent layers of enhanced radar reflectivity (e.g. Nastrom and Eaton, 2001; Luce et al., 2002a) . Intense turbulence in the lower stratosphere was also observed from in-situ measurements (Pavelin et al., 2002; Luce et al., 2002a) . Such events are likely to be associated with strong mixing: (K θ ≥1 m 2 /s in the lower stratosphere). Indeed, Luce et al. (2002a) observed that strong radar echo enhancements are associated with nearly neutralized layers. A climatological study of those enhanced reflectivity layers (Nastrom and Eaton, 2001 ) indicate that they are observed from 1 to 2% of the time, and that 25% of them last over 17 h. The actual impact on vertical transport of such intense events has yet to be evaluated. The fact that these intense events are rather frequent (relative to a normal distribution of the reflectivities) is also a signature of intermittency.
Comparative studies of inference methods
Cohn (1995) compared two independent methods for estimating the dissipation rate k , the spectral width and the power methods, applied to the same data set. This author observed rather similar profiles in both the magnitude and shape, though differences are also found, likely due to the uncertainties on some parameters (M 2 , N 2 , F T , γ ).
Satheesan and Murthy (2002) compared the power, the spectral width, and the variance methods for estimating the dissipation rate k . The obtained estimates for k from the power method were generally lower than that from the other methods. They found that k from the variance and spectral width methods agree quite well under low background wind conditions, whereas under high background wind conditions, k from the width methods seems to be underestimated. By using very high-resolution (30 m) radar measurements, Delage et al. (1997) performed an experimental comparison of diffusivities obtained by three independent methods: power method (29), spectral width method (34) and by assuming complete mixing within the turbulent layer (Eqs. 40-41), to be introduced in the next section. They found a reasonably good agreement between the various diffusivity estimates for turbulent layers whose thickness does not exceed 300 m. For the thicker layers, the complete mixing assumption seems to lead to overestimated local diffusivities.
Comparisons of radar and in-situ diffusivity estimates
The turbulent diffusivities inferred from radar measurements compare rather well with in-situ estimations. For instance, Alisse et al. (2000b) , by analyzing 36 turbulent layers observed in-situ from microstructure measurements of velocity and temperature, found 3×10 −3 <K θ <0.36 m 2 /s with a median of ∼0.1 m 2 /s. By comparing various estimators for the eddy diffusivity within a single turbulent patch in the lower stratosphere, Bertin et al. (1997) found 10 −3 <K θ <0.1 m 2 /s. In the upper mesosphere Lubken (1992 Lubken ( , 1997 , from high (1985) (1986) (Hocking, 1988) .
resolution in-situ density measurements, observed turbulent diffusivities ranging from 3 to 100 m 2 /s. All these values compare very well with radar estimates of the local turbulent diffusivity, in the lower stratosphere and mesosphere as well (Figs. 6 and 7).
Theoretical approaches
Let us recall that the turbulent diffusivities (or related heat and mass fluxes) inferred from dissipation rates, are local estimates, that is within the turbulent patches. Now, the turbulence is observed to be intermittent in space and time, perhaps the most obvious feature revealed by MST radars about atmospheric turbulence (e.g. Czechowsky et al., 1979; Sato and Woodman, 1982; Woodman and Rastogi, 1984; Dole et al., 2001 ). An issue, considered in this section, is to infer from these local estimates, the actual (or effective) diffusivity, either within the sample volume (presumably not filled with homogeneous turbulence) or for larger spatial scales. Several theoretical and semiempirical works enlighten the diffusive properties of intermittent turbulence. These works, in many aspects, give indications for future research.
Diffusivity of patchy turbulence
Radar observations showed that turbulent events occur within thin layers or patches (e.g. Sato and Woodman, 1982) . The vertical scale of these layers ranges typically from a few hundred to about one thousand meters in the troposphere and mesosphere (e.g. Lubken et al., 1993) , and from about ten meters to a few hundred meters in the stratosphere (e.g. Barat and Bertin, 1984; Alisse and Sidi, 2000a) . The typical time scale is a few Brunt-Väisälä periods, say half an hour, or so. As already mentioned, however, some intense and persistent turbulent events are sometimes observed (Nastrom and Eaton, 2001) .
The key issue now is to express an effective diffusivity by combining local flux estimates (i.e. within the turbulent patches) and parameters describing the morphology of the patches. In other words, how does one quantify the vertical transport -i.e. irreversible cross-isentropic transport -over scales much larger than the patch thickness? To enlighten this process, one can consider that the vertical displacement of a considered air parcel results from the encounters with turbulent patches, at random time, and with a random duration. Vertical diffusion can be seen as a continuous-time random walk process. The quantification of the effective diffusivity of such a patchy turbulence was addressed by Garrett (1979); Dewan (1981) ; Woodman and Rastogi (1984) ; Vaneste and Haynes (2000) ; Alisse et al. (2000b) , among others.
By analogy with molecular diffusion, a vertical transport process can formally be considered as diffusive if the mean squared displacement of an air parcel σ 2 increases linearly with time t (Taylor, 1921) :
R. Wilson: Turbulent diffusivity from MST radar measurements: a review 3881 Fig. 8 . Frequency distribution of log( ) during summer and winter seasons at 7.1 and 17 km altitude (Nastrom and Eaton, 1997) .
where K, the proportionality factor, is the diffusion coefficient of the considered process. In a pioneering work, Dewan (1981) addressed the following question: can patchy turbulence be considered -and modeled -as an actual diffusive process? With a simple numerical model, Dewan simulated the dispersion of a tracer for randomly distributed mixing layers for various initial conditions. He assumed complete mixing within the mixing layers. The resulting distributions were compared with known analytical solutions. Dewan concluded that random mixing can be considered as a diffusive process in the long-time limit. For instance, Fig. 9 shows the concentration of a tracer as a function of space and time, resulting from the mixing of randomly distributed layers, for an initial δ function. Dewan (1981) proposed the following expression for the effective turbulent diffusivity:
where d 2 is the second moment of the mixing layers depths, τ m being the mean time between successive mixing events.
In an unpublished report, Dewan (1979) gave support to the use of expression (39) rather than a simpler expression, such
being the local diffusivity), arguing that complete mixing likely occurs within turbulent layers.
An estimation of an effective diffusivity based on a local flux evaluation was proposed by Woodman and Rastogi (1984) . Considering an arbitrary level z within a turbulent patch, the flux of a tracer is evaluated across that level by assuming complete mixing (Fig. 10) . The local diffusivity (within the patch) is then a function of the layer thickness d and of the lifetime of the patch τ L ;
An extension of the previous case is also considered: the layer sweeps an altitude range D during their lifetime τ L :
where RP =<D>/<d>. By combining radar observations of the turbulent layers with these local estimates of diffusivity, these authors obtained a diffusivity profile for the UTLS Fig. 9 . Development of φ (concentration) as a function of time resulting in random mixing layers. The initial φ is a δ function. Complete mixing is assumed within the mixing layers (Dewan, 1981) . Fig. 10 . Sketch of a turbulent layer (Woodman and Rastogi, 1984) .
( Fig. 11) . They found K θ ≈0.2−0.5 m 2 /s, with peak values of ∼2 m 2 /s. Note that such an evaluation is an Eulerian one, as it is inferred from the estimated flux at a fixed location, with the turbulent layers being advected through the radar sample volume.
A theoretical Lagrangian approach was recently proposed by Vaneste and Haynes (2000) . They modelize the diffusion process as a continuous-time random walk. At random time, a fluid particle encounters a turbulent patch. It is then vertically displaced. The variance of the resulting displacement σ 2 z is related to the local diffusivity (within the turbulent patch):
where τ m is the mean time between successive encounters. (Woodman and Rastogi, 1984) .
The effective diffusivity depends on three parameters (i.e. on the P.D.F. of these quantities):
-d, the thickness of the turbulent layers;
-σ z , the vertical displacement within a turbulent patch of height d (i.e. turbulence intensity);
-τ m , the waiting time between successive encounters.
In the long time limit, by assuming complete mixing within each patch (that is Dewan's assumption), they obtain (Vaneste and Haynes, 2000) :
where H is the height of the considered atmosphere. Using the relation H τ m =dτ L /F T (Dewan, 1981) , Eq. (43) reads:
In a related work, Alisse et al. (2000b) consider the case of a partial mixing within the patches and proposed an expression for the effective diffusion as a function of the turbulent fraction F T , layer thickness d and lifetime τ L :
where c characterizes the imperfection of mixing resulting from the finite diffusivity and finite lifetime of the patches.
An energetics point of view
Interesting points of view were developed for describing the mixing properties of stratified turbulence through the energy budget. It has been for a long time recognized that mixing, through destratification, results in an increase in the background potential energy (e.g. Thorpe, 1973) . The background potential energy (BPE), introduced by Lorenz (1955) , Energy diagram for density-stratified Boussinesq flow. The energy within a fixed volume can be stored as kinetic, available potential energy, background potential energy, or internal energy (Winters et al., 1995) .
is the minimum of the potential energy reachable through adiabatic rearrangement of the fluid parcels. The TPE is defined by reference to that BPE, as the difference between the total gravitational potential energy and that minimum state. Winters et al. (1995) showed how to relate the mixing properties of turbulence to the energy budget. A fraction of the energy supplied to turbulent motions is converted into TPE (buoyancy flux), an other fraction being irreversibly converted into heat at a rate k . The TPE is partly irreversibly converted into background potential energy. These authors proposed an expression for the effective diffusivity for an incompressible fluid (i.e. water). Their results cannot be directly used for the atmosphere however (due to the fact that density is not a conservative quantity as for liquid). Nevertheless, such an energy balance sheds a new light on the issue of turbulent mixing. The close relationship between mixing and irreversible energy conversions is formally cleared. Indeed, the dissipation rates (TPE and TKE) express the irreversible conversion of energy into background potential energy and internal energy (i.e. heat) (Fig. 12) . McIntyre (1989) examined the mixing properties of smallscale turbulence through the energy budget of a breaking gravity wave. This author found that the efficiency of mixing might depend on the so-called wave super-saturation (expressing the excess of the wave amplitude relative to the unstability threshold). He further concluded that small-scale turbulence has a negligible impact on vertical transport in the summer polar mesosphere.
Discussion and concluding remarks
This paper summarizes the inference methods of the mixing due to small-scale turbulence from MST radar measurements. Since the early developments of the MST radar technique (Woodman and Guillen, 1974) considerable progress has been made concerning the physics of measurements (understanding of scattering processes), and data processing methods (inference of turbulence parameters). MST radars measurements allow now for fairly consistent and reliable estimations of the energetic parameters of small-scale turbulence, TKE and C 2 n , even though some assumptions might be questioned (isotropy, homogeneity, stationarity). Also, MST radar measurements have revealed a lot about the morphology of atmospheric turbulence, particularly about the layered structure of turbulent events.
If concerned with the mixing properties of turbulence, however, several difficulties arise. The evaluation of an effective "turbulent diffusivity" is clearly a two-step process. First, the measurements of energetic parameters of smallscale motions allow one to evaluate the local dissipation rates and related local diffusivities, with the term "local" meaning here "within the turbulent patches". Significant progress has been made, and continues to be made, in that direction. Then, because the turbulence is intermittent in space and time, the effective transport is very likely to be dependent on the space and time characteristics of the turbulent events. Indeed, recent theoretical approaches convincingly suggest that the effective diffusivity results from the statistics of both the local properties (i.e. energy dissipation and mixing) but also of the space-and-time distribution of turbulent patches.
Concerning the evaluation of the local diffusivity from radar measurements, several methodological difficulties can be identified. The turbulent diffusivity certainly depends on the local turbulence "intensity" (i.e. TKE or k ) but not only:
• The turbulence intensity is usually characterized from the dissipation rate of TKE, k , that is the rate of conversion (per unit mass) of TKE into heat (i.e. into internal energy). Now, the turbulent diffusivity is precisely related to that fraction of turbulent energy that is not dissipated into heat (i.e. p rather than k ). Consequently, the mixing properties of turbulence are expressed as a function of the ratio of dissipation rates γ = p / k . The question of whether the ratio of dissipation rates γ , or related mixing efficiency R f , can reasonably be treated as a constant, or rather evolves during the life cycle of the turbulent events is still an open one.
• The estimation of quantities describing the turbulence energetics, and related diffusivity, depends on local atmospheric conditions, that is on non-measured quantities (intense turbulence in a weakly stratified medium will have a quasi-null impact on mixing). There is a clear need for simultaneous measurements of turbulence quantities and of local atmospheric parameters (especially of the temperature and humidity gradients). In this regard, the new methods combining radar measurements with RASS measurements (Gossard et al., 1998; Tsuda et al., 2001) , balloon measurements (Mohan et al., 2001; Wilson and Dalaudier, 2003) , or GPS measurements (Gossard et al., 1999) appear very promising.
A key issue is the turbulence intermittency (i.e. the second step). Radar measurements have revealed the striated nature of atmospheric turbulence. Theoretical works showed that the transport induced by intermittent turbulence can be parameterized as an effective diffusivity by taking into account the statistics of turbulent events (local diffusivity, layer depth, lifetime, turbulent fraction). Even though some statistical results exist about the space-time distribution of turbulent events (e.g. Hocking, 1991; Nastrom and Eaton, 2001) , there is a clear lack of information about it (to our knowledge). High resolution radar measurements have undoubtedly the capability to provide valuable statistical data about the turbulence morphology. In this regard, new interferometry techniques (e.g. Luce et al., 2002b; Palmer et al., 1998) , or FM-CW (Frequency Modulated-Continuous Wave) radars (Eaton, 1995) , appear undoubtly as very promising tools.
Our present understanding of small-scale turbulence in the free atmosphere (from the troposphere to the upper mesosphere) relies for a large part on the use of clear air radars. Since they allow one to characterize both the energetics of turbulent events as well as the statistics of the space and time distribution of turbulent patches, MST radar should be an essential tool for the estimation of the actual diffusivity due to small-scale turbulence.
